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ABSTRACT

The current consensus is that drought has developed in the Sahel during the second half 

of  the  20th century  due to  remote  effects  of  oceanic  anomalies  amplified  by local  land-

atmosphere interactions. 

The present  paper focuses on the impacts  of oceanic anomalies  upon West African 

climate  and specifically  aims to  identify  those from SST anomalies  in  the  Pacific/Indian 

Oceans during spring and summer seasons, when those impacts were significant. Idealized 

sensitivity  experiments  are performed with four Atmospheric General  Circulation Models 

(AGCMs). The prescribed SST patterns used in the AGCMs are based on the leading mode of 

co-variability between SST anomalies over the Pacific/Indian Oceans and summer rainfall 

over West Africa. The results show that such oceanic anomalies in the Pacific/Indian Ocean 

leads to a northward shift of an anomalous dry belt from the Gulf of Guinea to the Sahel as 

the season advances. In the Sahel, the magnitude of rainfall anomalies is comparable to that 

obtained by other authors using SST anomalies confined to the closer Atlantic Ocean. The 

mechanism connecting the Pacific/Indian SST anomalies with West African rainfall  has a 

strong seasonal cycle. In spring (May and June), anomalous subsidence develops over both 

the Maritime Continent and the equatorial Atlantic in response to the enhanced equatorial 

heating.  Precipitation  increases  over  continental  West  Africa  in  association  with stronger 

zonal convergence of moisture. In addition, precipitation decreases over the Gulf of Guinea. 

During the monsoon peak (July and August), the SST anomalies move westward over the 

equatorial Pacific and the two regions where subsidence occurred earlier in the seasons merge 

over West Africa. The monsoon weakens and rainfall decreases over the Sahel, especially in 

August.
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1. Introduction 

The  Sahel  is  the  region  in  West  Africa  ranging  from 10ºN to  18ºN.  A  prolonged 

drought  developed  in  the  region during  the  last  three  decades  of  the  20th  century.  This 

drought, which was an outstanding climate anomaly event in recent history (Dai et al. 2004; 

Trenberth  et  al.  2007),  has  been attributed  to  anomalies  in  surface  conditions  leading  to 

desertification  through  positive  land-atmosphere  feedbacks  processes  (Charney  1975). 

Contributions from changes in surface hydrology (Nicholson 2000), radiative effects of desert 

dust aerosol (Yoshioka et al. 2007), and in vegetation cover (Zeng et al. 1999; Nicholson 

2000) have also been suggested. Recent studies have identified sea surface temperature (SST) 

anomalies as the most important factor in influencing variability in Sahel rainfall during the 

late 20th century (Folland et al. 1986; Palmer 1986; Rowell et al. 1992, 1995; Giannini et al. 

2003; Mohino et al.  2011). The current consensus is that drought developed in the Sahel 

during the second half of the 20th century primarily in response to remote effects of SST 

anomalies amplified by local land-atmosphere interactions (Giannini et al. 2003). 

SST variability  in the tropical oceans has been recognized to be the main driver of 

rainfall variability in the Sahel at decadal time scales (Giannini et al. 2003). Folland et al. 

(1986), Lamb and Peppler (1992), Rowell et al. (1995), and more recently Yoshioka et al. 

(2007) and Hoerling et al. (2006), attributed a large part of Sahelian decadal precipitation 

changes to variations in the interhemispheric gradient of Atlantic SST anomalies. Bader and 

Latif (2003) suggested that drought in the Sahel could be connected to higher Indian Ocean 

SSTs. Caminade and Terray (2010) highlighted the importance of the Pacific basin in driving 

decadal drought in the Sahel.

Rainfall in the Sahel has also significant variations at interannual time scales. Several 

works  have  shown  relationships  between  variability  in  Sahelian  rainfall  and  in  tropical 

Atlantic SST anomalies (Lamb and Peppler 1992; Camberlin et al. 2001; Ward 1998; Janicot 
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et al. 1998; Paeth and Friederichs 2004; Losada et al. 2010). Losada et al. (2010) studied the 

impact  of SST anomalies  over the equatorial  Atlantic  upon rainfall  variability  over West 

Africa  after  the  1970s.  They analyzed  sensitivity  experiments  with  Atmospheric  General 

Circulation  Models  (AGCMs)  using  prescribed  idealized  SST  patterns  restricted  to  the 

equatorial Atlantic and based on the main interannual mode of SST variability in the region 

(Zebiak  1993).  In  their  experiments,  warm  SST  anomalies  result  in  positive  rainfall 

anomalies over the Gulf of Guinea and negative ones over the Sahel. This rainfall dipole is 

then related to a southern shift of the Intertropical Convergence Zone (ITCZ) and thus the 

monsoon flow. The reader is invited to refer to Rodriguez-Fonseca et al. (2010) for a further 

detailed review of rainfall response in West African rainfall to anomalous SSTs.

Other  studies  performed  with  observational  and  reanalysis  datasets  have  shown 

negative  correlations  between  anomalies  in  summer  rainfall  over  the  region  and tropical 

Pacific SSTs (e.g. Folland et al. 1986; Rowell et al. 1995; Janicot et al. 1996, 1998; Ward 

1998;  Camberlin  et  al.  2001;  Janicot  et  al.  2001; Giannini  et  al.  2003;  Dai  et  al.  2004). 

AGCMs with prescribed SST anomalies have been shown to be capable of reproducing such 

a relationship (e.g. Palmer 1986; Palmer et al. 1992; Rowell et al. 1995; Janicot et al. 1998; 

Rowell 2001; Giannini et al. 2003; Moron et al. 2003, 2004; Paeth and Friederichs 2004). 

Several  dynamical  mechanisms  have  been  proposed  to  explain  the  Sahel/Pacific 

teleconnection,  including  changes  in  the  Walker  circulation  (Janicot  et  al.  1996,  1998), 

propagation of equatorial waves (Rowell 2001), and increased atmospheric vertical stability 

as  well  as  reduced  precipitation  at  the  margins  of  convective  regions  due  to  a  general 

warming of the tropical  troposphere (Giannini  et  al.  2001; Neelin et  al.  2003). The links 

between tropical Pacific SSTs and African rainfall have also been shown to vary with the 

season (Nicholson and Kim, 1997; Camberlin et al. 2001).

Some studies have pointed out a change in this teleconnection behavior after the 1970s. 
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Trzaska  et  al.  (1996)  and  Janicot  et  al.  (1996,  2001)  suggested  that  the  impact  of  El 

Niño/Southern Oscillation (ENSO) on Sahelian rainfall  strengthened after the 1970s.  The 

reasons for this change in behavior are not well understood even to this present day. Trzaska 

et al. (1996) argue that the decadal background may have modulated this relationship.

The  main  focus  of  the  present  study  is  to  gain  insight  on  whether  and  how  SST 

anomalies in the Pacific/Indian regions influence the rainfall seasonal cycle over the Sahel 

after  the  1970s. Four  state  of  the  art  AGCMs are  used  to  carry  out  the  same idealized 

sensitivity experiments. This is relatively new and innovative as most of the former published 

results only rely on a single AGCM set of experiments (e.g. Trzaska et al. 1996; Rowell et al.  

2001). The SST patterns used to drive the AGCMs are based on the leading mode of co-

variability between the time-varying anomalies in SST on the Pacific Ocean and in summer 

rainfall  over  West  Africa  during the  period  1979-2002.  We examine the  different  model 

sensitivity to the SST anomalies and the teleconnection mechanisms. First, section 2 provides 

detail about the methodology and the employed datasets. Then, section 3 examines the main 

results based on the AGCMs sensitivity experiments. Finally, section 4 presents a discussion 

on the findings and the conclusion.

2. Data and methodology

a. Observational datasets and models

The employed rainfall dataset is based on the CPC Merged Analysis of Precipitation 

(CMAP; Xie and Arkin 1997) product. CMAP provides global, gridded, monthly-mean fields 

starting in 1979 with horizontal resolution of 2.5ºx2.5º. The observed SST fields are based on 

the  reconstructed  ERSST2  dataset  (Smith  and  Reynolds  2004),  which  provides  global, 

gridded,  monthly-mean  fields  starting  in  1854  with  a  horizontal  resolution  of  2ºx2º.  To 
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represent the observed large scale flow in the tropics (velocity potential and streamfunction at 

lower and higher levels), we use the monthly-mean atmospheric reanalysis fields. As some 

studies pointed out biases in the reanalysis products over the Tropics (Annamalai et al. 1999; 

Chan and Nigam 2009) we employed both the NCEP/NCAR (Kalnay et al. 1996) and ERA-

40 (Uppala et al.  2005) reanalysis products. The horizontal  resolutions of these fields are 

2.5ºx2.5º and 1.125ºx1.125º, respectively. 

Our study is carried out using  the ARPEGE, ECHAM4, LMDZ and UCLA AGCMs. 

The main characteristics and the related references are shown in Table 1. Losada et al. (2010) 

showed  that  these  models  produce  an  acceptable  simulation  of  the  mean  West  African 

climate (see also subsection 3.a). Each AGCM experiment consists of a 10-member ensemble 

of simulations with prescribed initial conditions differing in small, random perturbations. As 

our interest is in the boreal summer, all simulations are ran for the period May 1-September 

30.

b. SST patterns and experiments

The  patterns  of  SST  anomalies  prescribed  in  our  idealized  AGCM  sensitivity 

experiments are based on the leading mode of co-variability between the anomalies in time-

varying SST anomalies on the Pacific Ocean and in the summer rainfall over West Africa 

during the period 1979-2002. To obtain this leading mode, we first performed an Extended 

Maximum Covariance Analysis (EMCA; Polo et al. 2008). The EMCA methodology is an 

extension of the Maximum Covariance Analysis (MCA or SVD, see Bretherton et al. 1992; 

Frankignoul  and Kestenare  2005),   which  considers  more  than  one  lag  for  the  predictor 

variable, the  anomalous  detrended  SST  in  our  case.  The  EMCA  was  applied  to  the 

standardized June to September (JJAS) monthly anomalous rainfall using lags -4 (February to 

May, FMAM) to +3 (September to December,  SOND) for the SST anomalies.  As in the 
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classical  MCA,  each  mode  includes different  spatial  patterns  (homogeneous  and 

heterogeneous modes) and time series (expansion coefficients). Readers are invited to refer to 

Polo et al. (2008) and Mohino et al. (2011, submitted to  Climate Dyn.) for further details 

about the EMCA methodology. 

Then,  we  determined  the  years  for  which  the  absolute  values  of  the  mode’s  SST 

expansion  coefficients  were  larger  than  one  standard  deviation  of  its  time  series.  This 

procedure identified three years (1983, 1987, 1997) for the warm phase (hereafter “warm 

years”), and also three years (1985, 1988, 1999) for the cold phase (hereafter “cold years”). 

The various  panels  in  Fig.  1  represent  one-half  of  the  composite  difference  between the 

monthly-mean SSTs in the warm and cold years for the period May to September. Figure 1 

shows large positive values over the eastern part of the Pacific basin and positive values 

along the western coast of North America and easternmost part of the extratropical North 

Pacific. There are also negative values in the western part of the basin, over the subtropical 

North Pacific  and the tropical  South Pacific,  forming a horseshoe-like pattern.  The weak 

positive values in the western part of the Indian Ocean are consistent with the observed auto-

correlation  between  SST  anomalies  in  the  equatorial  eastern  Pacific  and  western  Indian 

Ocean (Reason et al. 2000). This could be related to a coupled atmosphere-ocean response to 

the Pacific warming (Zhong et al. 2005). The patterns in Fig. 1 also show hints of a time 

evolution.  From May  to  September,  the  area  of  stronger  warm  SST  anomalies  in  the 

equatorial Pacific shifts westward and the region of warm SST anomalies over the eastern 

and central Pacific extends in latitude.  The area of cold anomalies in the western tropical 

Pacific expands in the northwestward direction. Moderate warm anomalies also develop over 

the  northeastern  Indian  Ocean,  peaking  in  June.  Their  evolution  is  consistent  with  the 

development of surface anomalous winds that would favor a warming of SSTs in spring and a 

cooling in summer (not shown). The SST anomaly fields to be superimposed on the ERSST2 
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climatology to provide the boundary conditions for our AGCMs are obtained by multiplying 

those shown in Fig.  1 by either  +1 or -1 for the Pacific/Indian  regions  with zero values 

elsewhere.  The +1 case will be referred to as the warm or positive experiment and the -1 as 

the  cold  or  negative  experiment.  This  procedure  yields  SST  anomalies  with  realistic 

amplitudes. 

Our  AGCM  experiments  use  a  monthly  evolving  field  of  SST  instead  of  a  time-

independent  pattern  (as  in  Trzaska  et  al.  1996)  or  a  pattern  with  an  idealized  seasonal 

evolution  (as  in  Rowell  2001).  This  provides  a  deeper  insight  into  the  timing  of  the 

teleconnections. The employed SST anomaly pattern is similar to the one used by Palmer et 

al.  (1992) for the 1987-88 period.  The magnitudes  are also comparable to  those used by 

Rowell (2001). From the West Pacific to the Indian Ocean, the SST gradient is orientated 

westward, as in the full experiment designed by Rowell (2001). However, the magnitude is 

weaker in our composite, as so are the SST anomalies over the Indian Ocean. 

We highlight an important difference between the full SST patterns prescribed in our 

experiments and in those conducted by Rowell (2001): the climatological fields correspond to 

different periods. Rowell  (2001) used a climatology corresponding to the period 1961-90, 

while ours corresponds to the period 1979-2005. The latter climatology shows higher SSTs 

than the former in some locations, especially in the southern hemisphere and tropical eastern 

Pacific (Meehl et al. 2009). The difference between climatologies averaged over the tropics is 

0.2K and can be as large as 0.4K at certain locations of the central equatorial Pacific or the 

eastern equatorial Atlantic. The warmer post 1970s context is considered to strengthen the 

teleconnection between the ENSO and Sahelian rainfall (Trzaska et al. 1996; Janicot et al. 

1996, 2001).

Our analysis focuses on multi-model means in order to filter out the models internal 

variability (Krishnamurti et al. 2000a, 2000b). Prior to averaging, all model outputs were re-
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gridded  to  a  horizontal  resolution  of  2.5ºx2.5º,  which  is  common  to  the  CMAP  and 

NCEP/NCAR datasets. In the vertical, all model outputs were interpolated to 11 tropospheric 

levels ranging from 925hPa to 100hPa. Following Meehl et al. (2007), we highlight the areas 

of  high consistency among models,  defined as  those in which the multi-model  ensemble 

mean is larger in magnitude than the inter-model standard deviation. For individual models, 

we test whether the response to the warm and cold simulations are significantly different by 

applying a two-sample t-test for equal means assuming equal variances. 

For convenience, the observed differences during the warm and cold years and those 

between  the  warm and  cold  experiments  will  be  referred  as  to  observed  and  simulated 

anomalies, respectively. 

3. Results of the experiments

a. Simulated precipitation climatology 

Figure 2 compares the mean seasonal averages (for both spring and summer) of West 

African  rainfall  between  the  observation  and  the  control  experiment.  The  corresponding 

patterns for each model can be found in Losada et al. (2010) and are further discussed in 

section 3d. The simulation correctly reproduces the latitudinal extension of the rainfall band 

over  West  Africa for both seasons.  It  also captures  the latitudinal  shift  of the ITCZ that 

occurs  from late  spring to  summer over  the region (Fig.2).  In  spring -  and especially  in 

summer  -  the  simulation  underestimates  rainfall  over  oceanic  areas  such  as  offshore  of 

Guinea  and  over  Nigeria.  Conversely,  it  overestimates  rainfall  over  Ethiopia  and 

underestimates it in the mountain regions of Cameroon and Guinea (Fig.2).

b. Precipitation anomalies over West Africa 

Figure 3 presents the differences between monthly mean observed precipitation during 
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the warm and cold years together with those in the positive and negative experiments. During 

the pre-onset phase (May and June),  the observations show positive (negative)  anomalies 

north  (south)  of  5ºN  over  the  Atlantic  Ocean.  This  dipole  pattern  is  approximately  the 

opposite  to  the  one  obtained  by  Losada  et  al.  (2010)  with  the  same  AGCMs  and  SST 

anomalies corresponding to the warm phase of the interannual observed equatorial Atlantic 

SST mode. Rainfall increases over the western Sahel and decreases over the Gulf of Guinea. 

Rainfall also increases over Eastern Africa in May. After the monsoon sets up, the pattern of 

rainfall  differences changes. The monsoon onset (July) is marked by a latitudinal shift of 

rainfall  deficits  from the  Gulf  of  Guinea  to  the  Sahel,  and  the  monsoon  peak  (August) 

presents fully developed negative anomalies over this region. Even though the warm minus 

cold composites were built with data for six events only, the rainfall deficits over the Guinea 

Gulf in spring and over the Sahel in summer are statistically significant at the 95% (Fig. 3). 

As the summer season ends (September), the negative anomalies over the Sahel weaken and 

rainfall deficits prevail over most of equatorial Africa (Fig. 3). 

The simulation captures key aspects of anomalous rainfall from May to August. One of 

these aspects is the decreased precipitation over the Gulf of Guinea during May and June. 

This feature moves northward over West Africa in July and August, in association with a 

weakened  monsoon  strength  (not  shown).  The  simulation  also  captures  the  enhanced 

precipitation  over  the  eastern  coasts  of  Africa  in  May and the  western  equatorial  Indian 

Ocean in June approximately above the concomitant positive SST anomalies (Fig. 1). The 

simulated rainfall anomalies, however, are weaker than those observed, especially over the 

Sahel.

There  are  clear  nonlinearities  in  the  response  obtained  in  the  warm  and  cold 

experiments. The  simulated  rainfall  increase  over  the  Sahel  in  spring  is  mainly  related  

to  the  increase  that  occurs  in  the  warm  experiment  (not  shown).  The simulated rainfall 

10



decrease over the Sahel in July is mainly due to enhanced rainfall in the cold experiment (not 

shown). Conversely, the simulation response in August is highly linear (not shown).

The most noticeable mismatch between precipitation anomalies in the observation and 

the simulation displayed in Fig. 3 is that the latter fields lack the positive rainfall anomalies in 

the  tropical  Atlantic  sector  north  of  5ºN  from  May  to  July.  This  point  will  be  further 

discussed in section 4.

c. The tropical atmospheric response 

To  gain  insight  into  the  underlying  dynamics  associated  with  the  teleconnection 

between SST anomalies in the Pacific/Indian Oceans and the anomalous rainfall over West 

Africa, we examine the tropical atmospheric response in terms of the divergent and rotational 

components  of  the  flow  in  the  lower  and  upper  troposphere  (850hPa  and  200hPa, 

respectively).  Figures  4  and  5  show  the  monthly  mean  fields  of  velocity  potential  and 

divergent wind at the selected levels in the observation and the simulation. Similarly, Fig. 6 

presents the eddy streamfunction at 200hPa for the observation and the simulation.

In spring,  the simulation  shows a center  of convergence  (divergence)  at  low (high) 

levels over the central and eastern equatorial Pacific (Figs. 4 and 5). Figure 6 shows a pair of  

anomalous anticyclones straddling the equator at 200hPa east of the dateline. These features 

are consistent with the stationary equatorial Rossby wave response west of the main source of 

anomalous diabatic heating (Gill 1980), which is located over the eastern equatorial Pacific. 

A center of strong divergence (convergence) at low (high) levels occurs over Indonesia and 

the Philippines (Figs. 4 and 5). To the west of this center, a pair of cyclones straddles the 

equator at 200hPa. This feature is consistent with a Gill-Matsuno response to the anomalous 

cooling which is  associated with decreased convection (Matsuno 1966) (Fig.  6).  There is 

another region of weak divergence (convergence) at low (high) levels over the Atlantic also 
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accompanied by a pair of cyclones straddling the equator (Figs. 4, 5 and 6). Another region of 

weak convergence at low levels and divergence at high levels appears over eastern Africa and 

western Indian Ocean matching the warm SST anomalies in the Indian Ocean (Fig. 1). In the 

simulation for May, therefore, and more clearly for June, there is large-scale subsidence over 

the Gulf of Guinea flanked in the zonal direction by centers of convergence (divergence) at 

low (high) levels. Over Africa in June, the simulation shows convergence (divergence) at low 

(high) levels. Consistently, in spring the simulation shows negative precipitation anomalies 

over the Gulf of Guinea (as in the observation) and positive rainfall anomalies over West 

Africa (albeit with a magnitude that is much weaker than in the observation). 

In summer (July and August), the strong center of divergence (convergence) at low 

(high) levels over the Maritime Continent simulated in spring merges with the secondary one 

located over the Atlantic (Figs. 4 and 5). This simulated pattern change coincides with the 

weakening of the anomalous SSTs over the western Indian Ocean (Fig. 1). The two pairs of 

cyclones straddling the equator merge and only one pair  remains centered over Africa in 

August in the simulation (Fig. 6). Note that this rotational response is different from the one 

presented by Rowell (2001), which consists of a quadrupole with twin anticyclones over east 

Africa and twin cyclones to the east. However, this feature is consistent with the weaker SST 

anomalies in the central Indian Ocean in our experiment (Fig. 1d) compared those used by 

Rowell  (2001).  According to  this  result,  the  anomalous  diabatic  heating  over  the  Indian 

Ocean is not crucial for the establishment of links between warm tropical Pacific SSTs and 

reduced summer rainfall in the Sahel. The moderate divergence at high levels over Africa and 

the western Indian Ocean in spring then disappears in summer.  This happens when West 

Africa lies in a region of clear subsidence that weakens the monsoon strength and reduces 

precipitation. 

The main characteristics of the simulated rotational and divergent anomalous flow are 
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also observed in the composites (Figs. 4, 5 and 6). There are, however, differences between 

the reanalysis and the simulated fields. For instance, the center of convergence at high levels 

over the Indian Ocean in summer does not extend as far west in the simulation as in the 

observation. Both reanalysis datasets show a similar structure in the rotational and divergent 

anomalous flow (Figs. 4, 5 and 6). This structure is more complex than in the simulation, 

especially in August (Figs. 5 and 6). This is not unexpected since our AGCM experiments 

exclude the SST anomalies over the Atlantic Ocean. In addition, the ensemble averages over 

four models highlights the most consistent signal smoothing out the fields. 

The simulated anomalies weaken during the monsoon withdrawal (September), (Figs. 3 

to 6). Though the results still include a relative convergence at high levels over Africa (Fig. 

5), as in the observation, this is very weak and not accompanied by clear divergence at low 

levels  (Fig.  4).  Consistently,  the simulation  fails  at  reproducing the observed decrease in 

precipitation over West Africa. 

d. Sensitivity of the different models

Most models reproduce the change from rainfall deficits over the Guinea Gulf during 

the pre-onset to rainfall reductions over the Sahel during the peak of the monsoon season 

(Fig.  7).  The precise  location of  those anomalies  varies  from one model  to  another.  For 

instance, the decrease in Sahelian rainfall is simulated west (east) of 0º for the ECHAM4 

(ARPEGE) model  (Fig.  7).  In  addition,  not  all  models  reproduce the same features.  For 

instance, there is a continuation over the Atlantic Ocean of rainfall deficits in summer in all 

models except for the ARPEGE. Also, the increase of the rainfall over the Sahel in spring is 

only produced by three out of the four models (Fig. 7). The anomalies shown by the different 

models over West Africa are weaker than those observed (Fig.3 and 7), especially over the 
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Sahel in summer.  The reduction in variability implied in the use of ensembles fields could 

explain part of the underestimation. Other factors related to the biases of the AGCMs, like the 

representation  of  land-surface  processes  and the  underestimation  of  associated  feedbacks 

could also contribute to this weakened response.

Figure 8 presents the rainfall signal to noise ratio (SN) for each model in spring (May – 

June, left  column) and summer (July – August, right column).  SN is defined as the ratio 

between the absolute value of the mean signal (the difference between the warm and cold 

simulations averaged over all ensemble members) and the intra-model standard deviation in 

the control run, this is, at each grid point:

where  N is the number of ensemble members (N=10,  in our case);  xi
p,  xi

n and  xi
c are the 

season- mean value (spring and summer in columns left and right in Fig. 8, respectively) of 

the ensemble member  i for the warm, cold and control simulations, respectively;   is the 

seasonal mean value averaged over the N ensembles of the control simulation:

The strongest  SN values are obtained in the equatorial Pacific, where the main SST 

anomalies lie (Fig. 8). Away from the forcing region, the models depict areas of large  SN 

values over the western equatorial Atlantic and northeastern Brazil and over the Maritime 

Continent. Most models show some areas of high values over North Africa, which extend 

into the Sahel and Guinea Coast for the LMDZ and ECHAM4 models. The ARPEGE and 

ECHAM4 models also show high values over eastern Africa in summer. Qualitatively similar 
14



results are obtained using the normalized standard deviation as an estimate of the signal-to- 

noise ratio (Misra et al. 2003, not shown). 

Regarding the large-scale flow, all models simulate the main centers of convergence 

and divergence at low levels over the equatorial Pacific east of the dateline and over the 

Maritime  Continent,  respectively  (Fig.  7).  They  also  reproduce  the  centers  of  weak 

divergence and convergence at low levels in spring over the Atlantic Ocean and the western 

Indian Ocean,  respectively (Fig.  7).  The intensity  and location  of  these centers  is  model 

dependent to some extent. For instance, the LMDZ model simulates weak divergence at low 

levels over the Atlantic Ocean, while the ECHAM4 model obtains strong divergence in the 

same region. In summer, the secondary center of convergence at low levels over the western 

Indian Ocean disappears, and the models simulate divergence at low level over Africa, which 

is consistent with the reduced rainfall in the region (Fig. 7).

4. Discussion and conclusions

Previous works have established that SST anomalies in the Atlantic, Pacific and Indian 

basins can all influence Sahel rainfall at different time scales. The objective of this study is to 

better  understand  the  relationships  between  post  1970s  tropical  Pacific  and  Indian  SST 

anomalies and West African rainfall at interannual time scales. In the post 1970s period, the 

relationships between Sahelian rainfall and Pacific SST anomalies have strengthened with 

respect to the previous decades ones (Janicot et al. 1996, 1998; Trzaska et al. 1996).

The years for which rainfall  anomalies in the Sahel were connected to Pacific  SST 

anomalies  were identified  by the application  of  a  multivariate  analysis  method.   Next,  a 

composite of monthly-mean SST anomaly patterns was defined in the tropical Pacific/Indian 

only as one-half the difference between values corresponding to the warmest (1983, 1987, 
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1997) and coldest (1985, 1988, 1999) years. This composite was multiplied by either +1 or -1 

and the result  was superimposed to the SST climatology (1979-2005). The resulting SST 

patterns were then used as the boundary conditions to drive an ensemble of simulations with 

four  different  AGCMs  (ARPEGE,  ECHAM4,  LMDZ  and  UCLA).  We  contrasted  the 

differences between observed fields in the warmest and coldest years, and the differences 

between the ensemble simulations referred to as positive and negative experiments.

Our  results  show  that  the  influence  of  Pacific  SST  anomalies  upon  West  African 

rainfall changes across the season. In late spring (May and June) West Africa lies between 

two regions of anomalous subsidence. The main one is located over the eastern Indian Ocean 

and the Maritime Continent, and the secondary one is over the central Atlantic. The multi-

model ensemble mean shows that increased rainfall over the Sahel in June is connected to 

enhanced divergence (convergence) at high (low) levels over West Africa. 

During  the  monsoon  peak  (July  and  August)  the  two  main  centers  of  divergence 

(convergence) at low (high) levels merge. During this period, West Africa lies in a region of 

large subsidence (especially in August). This results in a weakening of the monsoon strength 

and thus decrease of rainfall over the Sahel.

The change in the simulated anomalies across the seasonal cycle follows the change in 

location of the strongest SSTs anomalies. In spring, the warm SST anomalies in the Pacific 

are confined to the easternmost central Pacific, and those over the western Indian Ocean have 

their  maximum  magnitudes.  These  features  contribute  to  establish  the  main  tropical 

circulation with the main center of convergence (divergence) at low (high) levels over the 

central-eastern Pacific basin and the secondary one over the western Indian Ocean. A region 

of relative subsidence is then located over the equatorial Atlantic,  which leads to reduced 

rainfall over this basin and increased rainfall over the Sahel. During the boreal summer, the 

SST anomalies  in the Pacific  Ocean extend westward and expand latitudinally,  while  the 

16



anomalies over the western Indian Ocean decrease in magnitude. This favors the merging of 

the two main centers of divergence (convergence) at low (high) levels, and the existence of a 

region of  subsidence  that  covers  the whole West  African  domain.  This  leads  to  reduced 

monsoon rainfall, especially over the Sahel. The simulated impact of SST anomalies on West 

African rainfall, therefore, can be described based on anomalies in the tropical circulation. 

This suggests that,  though relatively strong, the cold SST anomalies over the central  and 

western North Pacific have a negligible effect on West Africa. 

However,  there  are  significant  differences  between  the  simulations  and  the 

observations. As an example, the multi-model ensemble fails to capture the positive rainfall 

anomalies north of 5ºN above the tropical Atlantic present in the observation for May and 

June.  We do not expect  a perfect  match between observations and simulations,  since the 

experiment was driven with SST anomalies over the Pacific/Indian Oceans only. We note that 

during the period of study there were also weak negative (positive) anomalies of SST over 

the southeast (north east) tropical Atlantic that are missing in the SST fields prescribed in our 

experiments. These SST anomalies in the Atlantic could explain the northward ITCZ shift 

that leads to the observed strong meridional dipole of rainfall anomalies over West Africa and 

the tropical Atlantic in spring. The SST anomalies in the Atlantic weaken in summer, and the 

response of the rainfall in the observation is mainly controlled by those in the Pacific. For this 

reason,  the  simulated  rainfall  patterns  resemble  better  those observed in  summer than  in 

spring

We find differences in the response of individual AGCMs to the same SST patterns in 

their boundary conditions. Nevertheless, most of the models obtain the main features we have 

highlighted in the previous paragraphs. This adds confidence to the validity of our results. 

Finally, we have found that SST anomalies in the Pacific/Indian basin after the 1970s 

can lead to interannual rainfall anomalies over the Sahel in summer of up to 1mm/day and 
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with opposite signs, i.e. warm anomalies correspond to drought. For the same period and with 

same AGCMs, Losada  et  al.  (2010) found that  SST anomalies  in  the Atlantic  basin can 

produce  rainfall  anomalies  over  the  Sahel  in  summer  of  comparable  magnitude  and  of 

opposite sign also, i.e, warm anomalies correspond to drought again. It has also been shown 

that,  after  the  1970s,  SST anomalies  in  the  equatorial  Atlantic  and Pacific  tend  to  have 

opposite  signs  (Rodriguez-Fonseca  et  al.  2009).  If approximate  linearity  is  accepted 

(Mechoso et al. 1990), then previous studies and the present one suggest that, at interannual  

time scale, Sahelian rainfall  has been affected by SST anomalies in all ocean basins both 

before and after the 1970s. The combined overall effect of anomalies in different basins after 

the 1970s has lead to a cancellation.  
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TABLES

Table 1: Description of the four models involved in the AMMA-EU sensitivity experiment.

Label AGCM Levels Resolution (lon-lat) Reference

APRPEGE ARPEGE V3 45 T42, approx. 2.80º x 2.80º Déqué et al. (1994)

ECHAM4 ECHAM 4 19 T30, approx. 3.75º x 3.71º Roeckner et al. (1996)

LMDZ LMDZ 4 19 3.75º x 2.50º Hourdin et al. (2006)

UCLA UCLA 7.3 29 2.50º x 2.00º Mechoso et al. (2000)
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FIGURE CAPTIONS:

Fig.  1 Half the difference between the observed SSTs (in K) composites averaged for the 

warm and for the cold years for the months: (a) May; (b) June; (c) July; (d) August and (e) 

September.  Contours are plotted each 0.5K starting from 0.25K. The zero contour plot is 

omitted and positive values are also shaded.

Fig. 2 Seasonal average of observed rainfall (using CMAP dataset) for the period 1979-2005 

for: (a) the pre-onset (May and June) and (b) the monsoon peak (July to September). Multi-

model seasonal average of rainfall response for the control run for: (c) the pre-onset and (d) 

the monsoon peak. Differences between the multi-model ensemble and the observed rainfall 

for: (e) the pre-onset and (f) the monsoon peak.  Units are mm day-1.

Fig. 3 Observed rainfall anomalies (in mm day-1) for the months: (a) May; (b) June; (c) July; 

(d) August and (e) September. The right-tilted lines show the areas where the anomalies are 

statistically  significant  at  the  95%  (according  to  a  two-sample  t-test  for  equal  means 

assuming equal variances). Plots f to j show the simulated rainfall anomalies. The left-tilted 

lines show the areas where the multi-model ensemble mean is larger in magnitude than the 

inter-model standard deviation. Contours are plotted at values of -0.25, -0.5, -1, -2 and -4 and 

shaded is used for positive values.

Fig. 4 Composite difference between warm and cold years of NCEP-NCAR reanalysis of 

velocity potential (in 106m2s-1) and divergent wind (in m s-1) at 850hPa: (a) May; (b) June; (c) 

July; (d) August and (e) September. Plots f to j show the same composite differences obtained 

with ERA-40 reanalysis. Plots k to o show corresponding simulated anomalies for the same 

months. For the simulation, the divergent wind is only plotted in the areas where the multi-

model ensemble mean is larger in magnitude than the inter-model standard deviation.

Fig. 5 Same as Fig. 4 but for the velocity potential and divergent wind at 200hPa.

Fig.  6  Same as  Fig.  4  but  for  the  eddy streamfunction  at  200hPa.  Hatched  lines  in  the 
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simulation show the areas where the multi-model ensemble mean is larger in magnitude than 

the inter-model standard deviation.

Fig. 7 Simulated rainfall anomalies (mm day-1) in spring (May - June) for the: (a) UCLA, (b) 

ARPEGE, (c) LMDZ and (d) ECHAM4 models. Plots e to h show the rainfall anomalies 

simulated in summer (July – August) for the same models. Spring (summer) anomalies of 

velocity potential (in 106m2s-1) and divergent wind (in m s-1) at 850hPa for the same models 

are shown in the third (fourth) column. The hatched lines show the areas where the simulated 

anomalies are statistically  significant at  the 95% confidence interval (according to a two-

sample t-test for equal means assuming equal variances).

Fig. 8 Rainfall signal to noise ration (SN) for each model in spring (May – June, left column) 

and summer (July – August, right column). This ratio is estimated as the quotient between the 

absolute value of the mean signal (the difference between the warm and cold simulations 

averaged over all ensemble members) and the intra-model standard deviation in the control 

run. See details in the text.
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Figure 1: Half the difference between the observed SSTs (in K) composites averaged
for the warm and for the cold years for the months: (a) May; (b) June; (c) July; (d)
August and (e) September.Contours are plotted each 0.5K starting from 0.25K. The
zero contour plot is omitted and positive values are also shaded.
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Figure 2: Seasonal average of observed rainfall (using CMAP dataset) for the period
1979-2005 for: (a) the pre-onset (May and June) and (b) the monsoon peak (July
to September). Multi-model seasonal average of rainfall response for the control run
for: (c) the pre-onset and (d) the monsoon peak. Differences between the multi-model
ensemble and the observed rainfall for: (e) the pre-onset and (f) the monsoon peak.
Units are mm · day−1.
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Figure 3: Observed rainfall anomalies (in mm · day−1) for the months: (a) May; (b)
June; (c) July; (d) August and (e) September. The right-tilted lines show the areas
where the observed anomalies are statistically significant at the 95% (according to a
two-sample t-test for equal means assuming equal variances). Plots f to j show the
simulated rainfall anomalies. The left-tilted lines show the areas where the multi-
model ensemble mean is larger in magnitude than the inter-model standard deviation.
Contours are plotted at values of -0.25, -0.5, -1, -2 and -4 and shaded is used for positive
values.
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Figure 4: Composite difference between warm and cold years of NCEP-NCAR reanal-
ysis velocity potential (in 106m2s−1) and divergent wind (in m · s−1) at 850hPa: (a)
May; (b) June; (c) July; (d) August and (e) September. Plots f to j show the same
composite differences obtained with ERA-40 reanalysis. Plots k to o show correspond-
ing simulated anomalies for the same months. For the simulation, the divergent wind is
only plotted in the areas where the multi-model ensemble mean is larger in magnitude
than the inter-model standard deviation.
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Figure 5: Same as Fig. 4 but for the velocity potential and divergent wind at 200hPa.
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Figure 6: Same as Fig. 4 but for the eddy streamfunction at 200hPa. Hatched lines
in the simulation show the areas where the multi-model ensemble mean is larger in
magnitude than the inter-model standard deviation.
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Figure 7: Simulated rainfall anomalies (mm · day−1) in spring (May - June) for the:
(a) UCLA, (b) ARPEGE, (c) LMDZ and (d) ECHAM4 models. Plots e to h show the
rainfall anomalies simulated in summer (July August) for the same models. Spring
(summer) anomalies of velocity potential (in 106m2s−1) and divergent wind (in m ·s−1)
at 850hPa for the same models are shown in the third (fourth) column. The hatched
lines show the areas where the simulated anomalies are statistically significant at the
95% confidence interval (according to a two-sample t-test for equal means assuming
equal variances).
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Figure 8: Rainfall signal to noise ration (SN) for each model in spring (May - June,
left column) and summer (July - August, right column). This ratio is estimated as
the quotient between the absolute value of the mean signal (the difference between the
warm and cold simulations averaged over all ensemble members) and the intra-model
standard deviation in the control run. See details in the text.
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